
The Atmospheric Boundary Layer

• Turbulence (9.1)

• The Surface Energy Balance (9.2)

• Vertical Structure (9.3)

• Evolution (9.4)

• Special Effects (9.5)

• The Boundary Layer in Context (9.6)
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Radiative Fluxes

The net (downward) radiation flux absorbed at
the surface is

F � = F �
S � F �

S + F �
L � F �

L

where F �
S is the downward shortwave (solar)

radiation flux at the surface, F �
S is the upward

(reflected) shortwave radiation flux at the
surface, F �

L is the downward longwave radiation
flux at the surface, and F �

L is the upward
(emitted and reflected) longwave radiation flux
at the surface.
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Radiative fluxes at the surface under clear skies



Surface Energy Balance over Land

The surface energy (flux) balance over land is

F � = FHs + FEs + FGs

where FHs is the (turbulent) sensible heat flux
(positive upward, away from the surface), FEs is
the (turbulent) latent heat flux (positive upward),
FGs is the (conductive) ground heat flux (positive
downward, away from the surface), and the
subscript s denotes surface.
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Turbulent and conductive fluxes at the surface 
under clear skies



Daytime over moist vegetation



Nighttime over moist vegetation



Daytime over a dry desert



Oasis effect during daytime: 
hot dry wind blowing over moist vegetation



Soil tempeature at various depths under a grass field



How is the diurnal cycle of the surface skin temperature 
related to the conductivity of the soil?
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Soil temperature at 4 levels below the surface



• Conduction is down the gradient of 
temperature.

• The annual cycle penetrates to greater 
depth than the diurnal cycle.

• Amplitude decreases with increasing depth 
(for a given forcing frequency).

• Phase delay increases with increasing depth 
(for a given forcing frequency).

Soil Temperature





Surface Energy Balance of Ocean Surfaces

• Does it make sense to say that FGs for 
ocean surfaces is much larger than for land? 

• Solar radiation is more readily absorbed by 
the ocean for two reasons. What are they? 

•Turbulence quickly mixes heat through the 
ocean mixed layer.

• The specific heat of water is larger than 
that of soil.

• As a result, the diurnal cycle of ocean 
surface temperature is almost negligible.





Bulk Aerodynamic Formulae

• The bulk aerodynamic method can be used to 
estimate the surface sensible and latent heat 
fluxes, as well as frictional drag on surface winds.

• In kinematic units (K m s�1)

FHs = CH |V|(Ts � Tair)

where CH is a dimensionless bulk transfer
coe�cient for sensible heat, |V| is the wind speed
and Tair is the air temperature at standard
measurement heights (such as 10 m and 2 m),
and Ts is the ocean surface temperature.



Bulk Aerodynamic Formulae

•  The formula for FHS does not involve a 
(vertical) turbulent velocity scale. Why not?

• What determines the surface skin temperature 
Ts over land during a sunny day?

• What happens to Ts at night when the ground 
surface is cooled by longwave radiation?



Bulk Aerodynamic Formulae

• Statically neutral conditions over flat land: CH = 
CHN is 0.001 to 0.005 and depends on 
surface roughness similar to CDN (Table 9.2).

• Statically unstable conditions over flat land: CH is 2 
to 3 times larger than CHN.

• Statically stable conditions over flat land: CH 
decreases towards 0.
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unstably stratified boundary layer is the Deardorff
velocity scale

(9.13)

where zi is the depth of the boundary layer and the
subscript s denotes at the surface. Values of w* have
been determined from field measurements and numer-
ical simulations under a wide range of conditions.
Typical magnitudes of w* are !1 m s!1, which corre-
sponds to the average updraft velocities of thermals.

Another scale u*, the friction velocity, is most
applicable to statically neutral conditions in the sur-
face layer, within which the turbulence is mostly
mechanically generated. It is given by

(9.14)

where " is air density, #s is stress at the surface (i.e.,
drag force per unit surface area), and covariances

and are the kinematic momentum fluxes
(vertical fluxes of u and v horizontal momentum,
respectively).

The altitude of the capping inversion, zi, is the rele-
vant length scale for the whole boundary layer for
statically unstable and neutral conditions. Within the
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bottom 5% of the boundary layer (referred to as the
surface layer), an important length scale is the aero-
dynamic roughness length, z0, which indicates the
roughness of the surface (see Table 9.2). For statically
nonneutral conditions in the surface layer, there is an
additional length scale, called the Obukhov length

(9.15)

where k % 0.4 is the von Karman constant. The
absolute value of L is the height below which mechan-
ically generated turbulence dominates.

Typical timescales for the convective boundary
layer and the neutral surface layer are

(9.16)

where zis height above the surface.
For the convective boundary layer, t* is of order 15 min,
which corresponds to the turnover time for the largest
convective eddy circulations, which extend from the
Earth’s surface all the way up to the capping inversion.

In summary, for convective boundary layers (i.e.,
unstable mixed layers), the relevant scaling parame-
ters are w* and zi. For the neutral surface layer, u*
and z0 are applicable. Scaling parameters for surface
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Table 9.2 The Davenport classification, where zo is aerodynamic roughness length and CDN is the corresponding
drag coefficient for neutral static stability a

z0 (m) Classification Landscape CDN

0.0002 Sea Calm sea, paved areas, snow-covered flat plain, 0.0014
tide flat, smooth desert.

0.005 Smooth Beaches, pack ice, morass, snow-covered fields. 0.0028

0.03 Open Grass prairie or farm fields, tundra, airports, heather. 0.0047

0.1 Roughly open Cultivated area with low crops and occasional obstacles 0.0075
(single bushes).

0.25 Rough High crops, crops of varied height, scattered obstacles such 0.012
as trees or hedgerows, vineyards.

0.5 Very rough Mixed farm fields and forest clumps, orchards, scattered 0.018
buildings.

1.0 Closed Regular coverage with large size obstacles with open spaces 0.030
roughly equal to obstacle heights, suburban houses, 
villages, mature forests.

( 2 Chaotic Centers of large towns and cities, irregular forests with 0.062
scattered clearings.

a From Preprints 12th Amer. Meteorol. Soc. Symposium on Applied Climatology, 2000, pp. 96–99.
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PART 2



Bulk Aerodynamic Formulae
• Bulk aerodynamic relationships exist for water 
vapor fluxes over water and saturated soil.

• Assume that the surface water vapor mixing 
ratio = saturation mixing ratio.

• In kinematic units (kg kg�1 m s�1)

Fwater = CE |V|(qsat(Ts, ps)� qair)

where CE is a dimensionless bulk transfer
coe�cient for water vapor (CE � CH), |V| is the
wind speed and qair is the mixing ratio at
standard measurement heights (such as 10 m and
2 m), Ts is the ocean surface temperature, and ps

is the surface pressure.



Bulk Aerodynamic Formulae

Fwater is related to the latent heat flux FEs in
kinematic units (K m s�1):

FEs =
Lv

cp
Fwater

and to the evaporation rate of water (mm/s):

E =
�liq

�air
Fwater



Bulk Aerodynamic Formulae

The ratio of sensible to latent heat fluxes at the surface is
the Bowen ratio:

B = FHs/FEs

• Over the oceans B decreases as Ts increases from
about 1 in the polar regions to 0.1 in the Tropics.

• Over land the evaporation rate depends on soil
moisture and transpiration.

– Irrigated crops: B � 0.2
– Grassland: B � 0.5
– Semiarid regions: B � 5
– Deserts: B � 10







Bulk Aerodynamic Formulae

• The bulk aerodynamic method for momentum 
gives a drag law:

u2
� = CD|V|2

where CD is a dimensionless drag coe�cient, |V|
is the wind speed at 10 m, and u2

� is the
magnitude of the downward momentum flux at
the surface.

CD varies from 10�3 over smooth surfaces to
2� 10�2 over rough ones (Table 9.2).

CD also varies with stability like CH does.



Bulk Aerodynamic Formulae

• The bulk aerodynamic method for momentum 
gives a drag law:

u2
� = CD|V|2

where CD is a dimensionless drag coe�cient, |V|
is the wind speed at 10 m, and u2

� is the
magnitude of the downward momentum flux at
the surface.

CD varies from 10�3 over smooth surfaces to
2� 10�2 over rough ones (Table 9.2).

CD also varies with stability like CH does.

Atmos 5220
Exercise on Turbulent Fluxes

1. The surface sensible heat flux Fs = ⇢cpw0T 0 = 1000 W m
�2

and the atmospheric

boundary layer (ABL) depth h = 500 m. How much does the average ABL

temperature change during 3 h? Use ⇢ = 1.2 kg m
�3

.

2. Same as problem 1 but in this case Fs = �50 W m
�2

and h = 50 m.

3. 1 cm of water evaporates from the ocean into an ABL that is 500 m deep.

(a) What is the change in the average ABL water vapor mixing ratio (mass of

water vapor per unit mass of dry air), �q? Use ⇢ = 1.2 kg m
�3

.

(b) If this process occurs over 4 h, what is the average surface flux of water

vapor, Fq = ⇢w0q0?
(c) What is the latent heat flux, LFq? L = 2.5⇥ 10

6
J kg

�1
is the latent heat

of vaporization.

4. The friction velocity u⇤ = 0.3 m s
�1

.

(a) What is the magnitude of the surface stress? Use ⇢ = 1.2 kg m
�3

.

(b) If h = 500 m, how much would the average ABL wind velocity change over

24 h due to the surface stress alone? Assume that the wind velocity and surface

stress vectors are parallel.

(c) What additional forces act to maintain the ABL wind?

From HW on turbulent fluxes:

Decreases ~15 m/s over 24 hours.
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unstably stratified boundary layer is the Deardorff
velocity scale
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Bulk Aerodynamic Formulae

• The bulk aerodynamic method for momentum 
gives a drag law:

u2
� = CD|V|2

where CD is a dimensionless drag coe�cient, |V|
is the wind speed at 10 m, and u2

� is the
magnitude of the downward momentum flux at
the surface.

CD varies from 10�3 over smooth surfaces to
2� 10�2 over rough ones (Table 9.2).

CD also varies with stability like CH does.
Example:

Surface wind speed = 10 m/s.

Surface classification: Open.

z0 = 0.03 m, CDN = 0.0047.
u2
⇤ = CD|V|2 = 0.0047⇥ 10

2
m

2
/s

2
= 0.47 m

2
/s

2
.

u⇤ = 0.7 m/s.

<latexit sha1_base64="yVOKmWReE2Fdo/8GXrDw701HNrg="></latexit>
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Bulk Aerodynamic Formulae

• Over the oceans,  an increase in 
surface wind speed produces larger 
waves, which increases the drag.
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the nonlinearity inherent in the Clausius-Clapeyron
equation, the Bowen ratio over the oceans decreases
with increasing sea surface temperature. Typical values
range from around 1.0 ! 0.5 along the ice edge to less
than 0.1 over the tropical oceans where latent heat
fluxes dominate due to the warmth of the sea surface.
Over land, the evaporation rate, and therefore the
Bowen ratio, depends on the availability of water in
the soil and on the makeup of the vegetation that
transports water from the soil via osmosis. Plants
release water vapor into the air via transpiration
through the open stomata (pores) of leaves. Thus, the
Bowen ratio ranges from about 0.1 over tropical
oceans, through 0.2 over irrigated crops, 0.5 over grass-
land, 5.0 over semiarid regions, and 10 over deserts.

For momentum, the bulk aerodynamic approach
gives a drag law

(9.19c)

where CD is the dimensionless drag coefficient, rang-
ing in magnitude from 10"3 over smooth surfaces to
2 # 10"2 over rough ones (Table 9.2), and is the
magnitude of momentum flux lost downward into
the ground. CD is affected not only by skin friction
(viscous drag), but also by form drag (pressure gra-
dients upwind and downwind of obstacles such as
trees, buildings, and mountains) and by mountain-
wave drag. Hence, CD can be larger than CH. The
drag coefficient CD varies with stability relative to
its neutral value in the same manner as CH;
namely, CD for unstable boundary layers, and
CD for stable boundary layers.CD

N

CD
N

CD
N

u2
*

u2
* $ CD ! V !2

Over oceans, an increase in the wind speed leads to
an increase in the wave height, which also increases
the drag (see Box 9.1). Figure 9.13 shows how the
bulk transfer coefficients for momentum, heat, and
humidity vary with wind speed measured at height
z $ 10 m over the oceans. For wind speeds larger
than 5 m s"1, heat and moisture transfer coefficients
gradually decrease with increasing wind speed,
whereas the drag coefficient CD increases. For wind
speeds much less than 5 m s"1 the bulk formulae are
inapplicable, because the vertical turbulent transport
between the surface and the air depends more on
convective thermals than on wind speed.
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Fig. 9.13 Variation of bulk transfer coefficients for drag
(CD), heat (CH), and moisture (CE) with wind speed over
the ocean. [Adapted from an unpublished manuscript by
M. A. Bourassa and J. Wu (1996).]

A surface wind gust passing over a water surface
produces a discernible patch of tiny capillary waves
with crests aligned perpendicular to the surface
wind vector. Since capillary waves are short lived,
their distribution at any given time reflects the cur-
rent distribution of surface wind. Remote sensing
of capillary waves by satellite-borne instruments,
called scatterometers, provides a basis for monitor-
ing surface winds over the oceans on a global basis.

When forced by surface winds over periods rang-
ing from hours to days, waves with different wave-
lengths and orientations interact with each other to
produce a continuous spectrum of ocean waves

extending out to wavelengths of hundreds of
meters. The stronger and more sustained the winds,
the larger the amplitude of the longer wavelengths.
Wind waves with the shorter wavelengths tend to
propagate in the same direction as the winds. In
contrast, the faster propagating long wavelengths
tend to radiate outward from regions of strong
winds to become swells and may thus provide the
first sign of an approaching storm. The incidence of
wave breaking increases with wind speed. At
speeds in excess of 50 m s"1, wave breaking
becomes so intense and extensive that the air-sea
interface becomes diffuse and difficult to define.

9.1 Winds and Sea State
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A surface wind gust passing over a water surface
produces a discernible patch of tiny capillary waves
with crests aligned perpendicular to the surface
wind vector. Since capillary waves are short lived,
their distribution at any given time reflects the cur-
rent distribution of surface wind. Remote sensing
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ing surface winds over the oceans on a global basis.
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propagate in the same direction as the winds. In
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9.1 Winds and Sea State
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Bulk transfer coefficients over the ocean

• For speeds of the mean 
vector wind < 5 m/s, the bulk 
formulae are not valid.

• Why not?

• How could the formulae 
be modified so they are valid 
in such situations? 



Exercise 9.2: in class
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Depends only on downstream distance.



The Global Surface Energy Balance

The bulk aerodynamic formulae have been used
to estimate the global distribution of the terms in
the surface energy balance.

The net upward transfer of energy through the
Earth’s surface is

F �
net = �F � + FHs + FEs

where F � is the net downward radiative flux, and
F �

net = �FG.
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the departures from the zonal-mean, shown in
Fig. 2.11 (bottom). The coolness of the eastern oceans
relative to the western oceans at subtropical latitudes
derives from circulation around the subtropical anti-
cyclones (Fig. 1.16). The equatorward flow of cool air
around the eastern flanks of the anticyclones extracts
a considerable quantity of heat from the ocean sur-
face, as explained in Section 9.3.4, and drives cool,
southward ocean currents (Fig. 2.4). In contrast, the
warm, humid poleward flow around their western
flanks extracts much less heat and drives warm west-
ern boundary currents such as the Gulf Stream. At
higher latitudes the winds circulating around the sub-
polar cyclones have the opposite effect, cooling the
western sides of the oceans and warming the eastern
sides. The relative warmth of the eastern Atlantic at
these higher latitudes is especially striking.

Wind-driven upwelling is responsible for the rela-
tive coolness of the equatorial eastern Pacific and

Atlantic, where the southeasterly trade winds pro-
trude northward across the equator (Fig. 1.18). Wind-
driven upwelling along the coasts of Chile, California,
and continents that occupy analogous positions with
respect to the subtropical anticyclones, although not
well resolved in Fig. 2.11, also contributes to the cool-
ness of the subtropical eastern oceans, as do the
highly reflective cloud layers that tend to develop at
the top of the atmospheric boundary layer over these
regions (Section 9.4.4).

The atmospheric circulation feels the influence of
the underlying sea surface temperature pattern, par-
ticularly in the tropics. For example, from a compari-
son of Figs. 1.25 and 2.11 it is evident that the
intertropical convergence zones in the Atlantic and
Pacific sectors are located over bands of relatively
warm sea surface temperature and that the dry zones
lie over the equatorial cold tongues on the eastern
sides of these ocean basins.
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Fig. 2.11 Annual mean sea surface temperature. (Top) The total field. (Bottom) Departure of the local sea surface tempera-
ture at each location from the zonally average field. [Based on data from the U.K. Meteorological Office HadISST dataset.
Courtesy of Todd P. Mitchell.]
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surface is anomalously warm or cold relative to the
mean temperature at that latitude (Fig. 2.11). The net
flux is upward over the warm waters of the Gulf
Stream and the Kuroshio current and it is downward
over the regions of coastal and equatorial upwelling
where cold water is being brought to the surface.

9.3 Vertical Structure
This section considers the interplay between turbu-
lence and the vertical profiles of wind, temperature
and moisture within the boundary layer, drawing
heavily on the diurnal cycle over land as an example.

9.3.1 Temperature

Depending on the vertical temperature structure
within the boundary layer, turbulent mixing can be
suppressed or enhanced at different heights via
buoyant consumption or production of T . In fact, it is
ultimately the temperature profile that determines
the boundary-layer depth.

Recall that the troposphere is statically stable on
average, with a potential temperature gradient of
3.3 °C!km (Fig. 9.15). Solar heating of the ground
causes thermals to rise from the surface, generating
turbulence. Also, drag at the ground causes near-
surface winds to be slower than winds aloft, creating
wind shear that generates mechanical turbulence.
Turbulence generated by processes near the ground
mixes surface air of relatively low values of potential
temperature, with higher potential temperature air

from higher altitudes. The resulting mixture has an
intermediate potential temperature that is relatively
uniform with height (i.e., homogenized within the
boundary layer). More importantly, this low altitude
mixing has created a temperature jump between the
boundary-layer air and the warmer air aloft. This tem-
perature jump corresponds to the capping inversion.
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Fig. 9.15 Standard atmosphere (dashed line) in the tro-
posphere and lower stratosphere, and its alteration by tur-
bulent mixing in the boundary layer (solid line). [Adapted
from  Meteorology for Scientists and Engineers, A Technical
Companion Book to C. Donald Ahrens’ Meteorology Today,
2nd Ed., by Stull, p. 67. Copyrigt 2000. Reprinted with
permission of Brooks/Cole, a division of Thomson Learning:
www.thomsonrights.com. Fax 800-730-2215.]
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Fig. 9.14 Annual-mean net upward energy flux at the Earth’s surface as estimated from Eq. (9.21) based on a reanalysis of
1958–2001 data by the European Centre for Medium Range Weather Forecasting. [Courtesy of Todd P. Mitchell.]
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